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ABSTRACT 

 

We report the first experimentally-determined metal isotope equilibrium fractionation factors for 

a metal sulphide at ambient temperatures and pressures. Mackinawite, referred here as FeSm (where 

the subscript m indicates mackinawite), can be a reactive component in diagenetic pyrite formation 

and the extent of equilibration between FeSm and dissolved Fe(II) has direct implications the δ56Fe 

signatures recorded in diagenetic pyrite. The measured equilibrium Fe isotope fractionation between 

Fe(II)aq and FeSm is Δ56FeFe(II)-FeS = -0.52 ± 0.16 ‰ at 2°C and Δ56FeFe(II)-FeS = -0.33 ± 0.12 ‰ at 25°C 

and pH 4. At the experimental pH the equilibrium fractionation factor between all dissolved Fe(II) 

species and FeSm (Δ56FeFe(II)-FeS) equates to the fractionation factor between Fe2+
aq and FeSm 

(Δ56FeFe2+-FeS). The measured fractionations are of the same order as other non–redox fractionations 

measured in low-temperature Fe-C-O systems. We show that at low temperature, the Fe(II)aq – FeSm 

system is slowly asymptotic to isotopic equilibrium and consequently, FeSm is likely to partially 

conserve kinetically derived isotopic signatures generated on precipitation. Combined with the range 

of published kinetic fractionations measured on FeSm precipitation, our data suggest that, subject to 

the degree of isotope exchange during equilibration, FeSm can display δ56Fe compositions 

encompassing a range of ~ 1.4 ‰. 

 

 

 

 

 

 

 

 

 

 

 



1. INTRODUCTION 

 

In the past decade, transition metal isotope analyses have become widespread as a means of 

probing present-day and ancient environmental processes and the evolution of (bio)geochemical 

cycles. Many of these studies have utilised metal-sulphide isotope systems, and interpreting their 

results has often been restricted to the lack of provision of experimental data that quantify the 

direction and extent of isotope fractionations. The iron isotope system applied to Fe sulphides and 

especially pyrite, the major environmentally significant transition metal sulphide, is an eloquent 

example. Fe isotope data reported here are expressed in the conventional per mil notation with respect 

to the IRMM-014 standard, where δ56(57)Fe = [(56(57)/54Fesample/56(57)/54FeIRMM-014)-1] x 1000. Most 

terrestrial igneous rocks have very homogeneous δ56Fe signatures clustered around ~ 0 ‰ (e.g. Beard 

and Johnson, 2004; Dauphas and Rouxel, 2006, for review). Fe isotope excursions (where δ56Fe varies 

from ~ +1 ‰ to ~ -3.5 ‰) recorded in Precambrian, anoxic, sulphidic sediments (e.g. Rouxel et al., 

2005) in which pyrite is the dominant Fe-S species, raised divergent interpretations (e.g. Archer and 

Vance, 2006; Rouxel et al., 2005). Various theories have been proposed to explain those variations 

(e.g. Yamaguchi et al., 2005; Anbar and Rouxel, 2007; Johnson et al., 2008). Major questions are 

whether or not i) pyrite is a passive recorder of the Fe(II) reservoir; ii) its formation is accompanied 

by significant Fe isotope fractionation; and iii) microbial activity is responsible for those Fe isotope 

signatures. To date, none of the proposed mechanisms responsible for the observed variations has 

experimentally been confirmed. 

 Experimental data on aqueous Fe species, Fe-oxides and Fe-carbonates have been documented 

and demonstrate that the largest Fe isotope fractionations are produced during redox reactions in both 

biologically mediated (Brantley et al., 2001,2004; Anbar, 2004; Johnson et al., 2004; Beard et al., 

1999,2003; Icopini et al., 2004; Croal et al., 2004) and abiotic systems (Anbar et al., 2000; Bullen et 

al., 2001; Skulan et al., 2002 Brantley et al., 2004; Welch et al., 2003; Matthews et al., 2004; Teutsch 

et al., 2005; Jang et al., 2008, Handler et al., 2009; McAnena, 2009, Beard et al., 2010). Smaller, but 

significant fractionations have been seen in abiotic non-redox reactions (Wiesli et al., 2004; 



Wiedehold et al., 2006; Dideriksen et al., 2008; Mikutta et al., 2009), including the ligand-exchange 

process involved in mackinawite (FeSm) formation (Butler et al., 2005). 

FeSm is a metastable nanoparticulate tetragonal Fe(II) monosulphide (Rickard and Luther, 2007, 

and references therein) and is a potential reactive iron source in pyrite forming systems since FeSm 

dissolves and reacts to form pyrite (Rickard and Luther, 1997). Isotopic mobility and potential 

equilibration between FeSm and coexisting dissolved Fe(II) species (Fe(II)aq) have direct implications 

for the ultimate Fe isotope signature of pyrite preserved in geological record. Rickard (2006) showed 

that in acidic environments, the pH dependent solubility of FeSm is described by log Ksp1 = log{Fe2+} 

+ log{H2S} – 2log{H+} ≥ 3.5. In neutral to alkaline environments, FeSm solubility is pH independent. 

Total dissolved Fe(II) is dominated by FeS clusters, FeS0
aq, and log Ksp2 = log {FeS0

aq} = -5.7. For all 

natural environments where its solubility product is exceeded, FeSm is the first Fe-S phase to 

precipitate. 

The kinetics and mechanisms of FeSm formation from aqueous solutions have been reported 

(Rickard, 1995) and the fast precipitation process is a ligand-exchange reaction consistent with Eigen-

Wilkins kinetics in which the rate of formation is determined by the exchange of water and sulphide 

molecules in hexaqua iron(II) sulphide between the outer sphere and the inner sphere complexes. 

FeSm is readily formed in aqueous solutions as a nanoparticulate precipitate (Wolthers et al., 2003; 

Michel et al., 2005; Ohfuji and Rickard, 2006; Rickard et al., 2006; Jeong et al., 2008). FeSm 

nucleation involves the initial formation of FeS0
aq (Theberge and Luther, 1997; Luther and Rickard, 

2005). 

Since FeSm formation is fast and readily reversible (cf. Rickard, 2006), the FeSm-Fe(II)aq system 

is particularly suitable for equilibrium fractionation studies. However, experimental measurements are 

limited to kinetic fractionation factors (Butler et al., 2005). Butler and co-workers (Butler et al., 2005; 

Guilbaud et al., 2010a) observed that the precipitation of FeSm nanoparticles from Fe(II) solution at 

low temperature is accompanied by a kinetic fractionation ranging from Δ56FeFe(II)-FeS ~ + 0.9 to ~ 0.3 

‰ (where Δ56FeA-B = δ56FeA - δ56FeB). After rapid precipitation, isotope exchange occurs between 

FeSm and Fe(II)aq, and its rate slows down to asymptote to a steady state after 168 hours, at which 

point FeSm remains depleted in heavier isotopes with respect to Fe(II)aq. The observation that during 



precipitation, FeSm incorporates the lighter isotopes (Butler et al., 2005, Guilbaud et al., 2010a) has 

often been generalised to pyrite, assuming that a fractionation of a similar magnitude would be 

recorded during pyrite formation (Severmann et al., 2006; Matthews et al., 2004; Rouxel et al., 2005; 

Archer and Vance, 2006; Yamagushi et al., 2005). This resulted in various interpretations for the 

highly 56Fe depleted Archean pyrite signatures. Furthermore, the calculated reduced partition factor 

(β56/54) for the Fe2+-pyrite couple, described by Eq. 1, predict 56Fe enrichment in pyrite (e.g. Polyakov 

et al., 2000; Polyakov and Mineev, 2007; Blanchard et al., 2009): 

54/56354/56354/563 ln10ln10ln10 22 pyriteFepyriteFe ββα −= ++−
   (1) 

where α stands for the fractionation factor and β for the reduced partition factor. 

Butler et al. (2005) noted that even at steady state, the observed Δ56FeFe(II)-FeS did not necessarily 

represent isotopic equilibrium. Their arguments were based on the fact that i) FeSm is a sparingly 

soluble mineral (Rickard, 2006) and isotopic exchange is likely to happen via dissolution-precipitation 

between the mineral surface and the solution rather than the bulk mineral and the solution; and ii) the 

temperature independence within the range 2-40°C which supports kinetic effects rather than 

equilibrium. Formation and dissolution of FeSm is kinetically anisotropic (i.e. the rate of dissolution 

does not equate the rate of precipitation), and the dissolution kinetics are inhibited by transport of 

reaction components through the diffusion boundary layer (cf. Rickard and Sjoberg, 1983). 

Extrapolations of kinetic isotope fractionations to equilibrium values gave unreasonably large 

apparent equilibrium factors for O isotope studies (Matsuhisa et al., 1978). Matsuhisa et al. (1978) 

developed the three-isotope method to overcome this problem and determine experimentally 

equilibrium isotope fractionations. 

In this contribution, we use the three isotope method to determine experimentally the equilibrium 

Fe isotope fractionation between Fe2+
aq and FeSm. We assess whether or not isotopic equilibrium can 

be rapidly reached at low temperatures in the aqueous Fe-S system and we discuss our results in terms 

of computationally derived data and implications of sedimentary pyrite formation. So far, only one 

other experimental data has been published on Fe isotope fractionations occurring within the Fe-S 

system (Butler et al., 2005). Schuessler et al. (2007) studied the equilibrium fractionation between 



pyrrhotite and silicate melts. Our results are the first reported experimental equilibrium metal isotope 

fractionation in any metal sulphide aqueous system.  

  

2. METHODS 

 

2.1. Reagents 

 

Experiments were performed at Cardiff University under oxygen free conditions (<1 ppmv O2) in 

an MBraun Labmaster 130® re-circulating anoxic chamber. All reagents and acids were analytical 

grade and solutions were prepared under oxygen free conditions using 18.2 MΩ cm deionised water, 

sparged with O2 free grade N2 for 20-40 min (Butler et al., 1994). Rigorous exclusion of oxygen is 

essential because FeSm is pyrophoric and Fe(II)aq itself is prone to oxidation. Iron(II) solution was 

made by dissolution of Mohr's salt Fe(NH4)2(SO4)2·6H2O (Sigma Aldrich™) in purged water. 

Mohr's salt was used for its ability to resist oxidation in solution. Sulphide solution was made by 

dissolution of Na2S·9H2O (Sigma Aldrich™) in purged water. 

 

2.2. Preparation of 56Fe enriched FeSm 

 

Two isotopically distinct reservoirs of 56Fe enriched freeze-dried FeSm (referred as 56FeSm) were 

produced. 56FeSm was prepared by mixing a source of 56Fe enriched iron with Fe(NH4)2(SO4)2.6H2O. 

The 56Fe metal, for which the enrichment is given by m(56Fe)/m(Fe) = 0.997 and m(57Fe)/m(Fe) = 

0.002, was supplied by CortecNet™.  

An accurately weighed aliquot of 56Fe metal was dissolved in 40 mL hot 3 M HCl, evaporated to 

incipient dryness to remove the excess acid and the solution was made up to 100 mL. The pH of the 

solution was determined by an Orion Research EA920® pH meter and was 3 ± 0.1. After N2 purging, 

the solution was introduced into the anoxic chamber. In the glove-box, 56Fe solution was mixed with 

20 mL 1.4 M hydroxylamine hydrochloride to reduce quantitatively Fe3+ to Fe2+. Quantitative 



reduction to Fe2+ is crucial to prevent formation of S(0) with addition of dissolved HS-. The 56Fe(II) 

solution was mixed with 250 mL 0.16 M Fe(II) solution made from the dissolution of 

Fe(NH4)2(SO4)2.6H2O in N2 sparged water. Reduction efficiency was checked by quantifying the 

residual [Fe3+] in the solution with thiocyanate (e.g. Vogel, 1951). An aliquot of the solution was 

acidified with 2 mL 2M HCl, reacted with 5 mL 4M thiocyanate and made up to 50 mL. The aliquot 

was analysed with a Perkin Elmer Lambda2® dual beam UV-Vis. Typical response was less than 0.2 

ppm for [Fe3+] which represents ~ 0.005‰ of total [Fe]. 

56FeS was precipitated by mixing the bulk 56Fe solution with equimolar Na2S.9H2O. The 

precipitate was filtered with a Buchner filter (Whatman® No. 1 paper) and the filtrate was filtered with 

a 0.45 μm membrane Millipore™ filter. Freshly precipitated 56FeSm was re-suspended in water and 

re-filtered three times, freeze-dried for three days (Rickard et al., 2006) and stored in the glove-box. 

The 56FeS reservoirs produced in this way had isotopic compositions of ~308 ‰ and ~ 2.6 ‰. 

 

2.3. Procedure 

 

In the glove-box, 56FeSm was weighed into a serum bottle, 20 mL 0.05 M Fe(II) solution (pH 4) 

were added and the serum bottle was sealed with a butyl stopper and an aluminium crimp seal. The 

mass fraction of Fe in FeSm and the Fe(II) solution was ~ 0.45:0.55. The serum bottles were placed 

for ageing on a shaking platform for 25°C experiments and in Haake F6/C25® and Haake DC10/K10® 

refrigerated circulators for 2°C experiments. After ageing (ageing time up to four months for the 25°C 

experiment and one month for the 2°C experiments), the solid phase was separated from the aqueous 

phase by vacuum filtration on a 0.45 μm membrane Millipore® filter. With this filter size, filtrates are 

clear and filters do not clog (e.g. Wolthers et al., 2003; Butler et al., 2005; Rickard, 2006; Rickard et 

al., 2006; Guilbaud et al., 2010a). The filtrate solution was acidified with concentrated HCl 

and 56FeSm was dissolved by the addition of a few drops of concentrated HCl. H2S was allowed to 

degas from sample in a fume hood. 

 

2.4. Analysis 



 

Samples (Fe(III) in HCl) were taken to dryness and re-dissolved in 5% HNO3. Total [Fe] in 

solutions was determined spectrophotometrically with the thiocyanate method (e.g. Vogel, 1951). No 

column chemistry was performed since our samples were experimentally synthesised from analytical 

grade reagents. 56/54Fe and 57/54Fe isotope ratios were measured on a GV IsoProbe (formerly 

Micromass) multiple-collector inductively coupled plasma mass spectrometer (MC-ICP-MS). The 

detailed analytical protocol has been described elsewhere (Guilbaud et al., 2010b). The major 

challenge for accurate and precise measurement of Fe isotopes is the removal of atomic and 

polyatomic interferences induced by the Ar plasma. This was achieved by increasing the signal-to-

background ratio (using high concentration samples and introducing collision gases into the hexapole 

to decrease and/or remove the interferences) and by stabilising the instrumental mass bias minimising 

the hexapole potential and decreasing the extraction voltage. 

3-10 ppm Fe solutions were introduced into an ApexQ inlet system at 50 µL min-1 to maximise the 

signal to ~0.3 V on mass 54, ~6 V on mass 56 and ~0.02 V on mass 57. Hexapole rf amplitude was 

set at 50% which enhances transmission of Fe masses. The analysis was run in hard extraction mode 

(-250 V). 1.8 mL min-1 Ar and 2 mL min-1 H2 were introduced into the hexapole collision cell to 

remove completely ArN+ on mass 54 and ArOH+ on mass 57 and to decrease ArO+ on mass 56 to 

0.006 V which represents 0.1% of the Fe peak. Cr+ interferences on mass 54 were monitored on mass 

52 but never detected. Analyte size and matrix were the same in samples and standards and the 

instrumental mass bias was corrected by bracketing each sample with the IRMM-014 standard (e.g. 

Schoenberg and von Blanckenburg, 2005; Guilbaud et al., 2010b). On-peak-zero correction was 

measured on a 5% v/v HNO3 solution prior to each Fe solution (samples or standards). Data 

collection consisted of 5 blocks of 20 5 x 1s integrations, followed by a 4 min rinse in 5% v/v HNO3 

+ 2% v/v HF. This protocol permits to eliminate memory effects and any Fe build-up in the 

instrument (e.g. Ellam, 2006; Guilbaud et al., 2010b). 

 

2.5. The three isotope method 

 



The three isotope method (Matsuhisa et al., 1978) is a robust experimental method that allows the 

determination of equilibrium fractionation factors for elements with three or more stable isotopes. Its 

principle is to track the evolution of a two end-member system initially far from isotopic equilibrium. 

It involves the spike-enrichment of one phase in order to shift its isotopic composition away from the 

terrestrial mass fractionation line (TFL, Fig. 1). The system is then allowed to exchange and 

equilibrate towards a secondary fractionation line (SFL, or equilibrium fractionation line). Since the 

SFL is mass dependant, it is parallel to the TFL and lies between the composition of the spiked 

starting material and the TFL. Any deviation from the bulk composition along the SFL is the 

measured equilibrium isotopic fractionation between the two phases. In low temperature systems, in 

which the kinetics are slow, experiments might fail to reach equilibrium, i.e. to reach the secondary 

fractionation line in adequate time for experimental purposes. In such cases, the equilibrium 

fractionation can be determined from the best fits of the evolution of the phases. 

The three isotope method was first used for studies on O (e.g. Matsuhisa, 1979; Matthews et al., 

1983a,b). More recently, three studies applied this method to the Fe isotope systematics: between 

oxide and silicate phases at high temperature (Shahar et al., 2008), between chloro-complexes in 

aqueous solutions (Hill and Schauble, 2008), and between Fe(II)aq and goethite (Beard et al., 2010). 

Although some workers have used enriched Fe(II)aq solutions, we preferred the solid phase (i.e. 

mackinawite) to be the enriched phase for practical reasons in our experiments. The preparation of 

clean, contamination-free 56Fe enriched FeSm is easier experimentally than preparing 56Fe enriched 

Fe(II)aq from 56Fe(0) metal, which would involve the use of metal-complexing species to keep the 

solution reduced, and which consequently may influence the experimental results. 

The equilibrium isotope fractionation between Fe(II)aq and FeSm, Δ57FeFe(II)-FeS, is the difference 

between the intersections of the regression lines of all the data set (samples and their duplicates), 

δ57FeInters.i, with the SFL (slope = 0.678). The values of the intersections are given by Eq. 2: 

ac
dbFe

i

i
Intersi −

−
=57δ  (2) 

where a and c are the slopes of the regression lines and the SFL, respectively, b and d are the 

intercepts of the regression lines and the SFL, respectively, and i stands for the phase of interest.  



 

2.6. Analytical and experimental errors using spiked material in the Fe three isotope system 

 

The analytical precision of our measurements is the reproducibility (2σ, n = 15) obtained by 

measuring the external Fe standard (Baker™) before and during the analytical run and was ± 0.08 ‰ 

and ± 0.17 ‰ for δ56Fe and δ57Fe, respectively. Ammonium and sulphate ions present in solutions 

made from the Mohr’s salt were also present in the external Fe Baker™ standard and are thus 

considered in the given precision. The use of 56Fe spiked material enhances considerably the 

proportion of mass 56 with respect to other Fe isotopic masses, and therefore the precision on δ56Fe is 

poorer for spiked samples than for unspiked samples. We analysed seven different aliquots of the 

starting 56FeSm and found a precision of ± 0.3 ‰ and ± 0.2 ‰ for δ56Fe and δ57Fe, respectively. It is 

important to note that although the precision is, as predicted, diminished for δ56Fe in the spiked 

material than for “normal” iron (the precision on δ57Fe being similar), the error remains small when 

considered within the context of the enrichment of the spiked material for which δ56Fe = 308.3 ‰ and 

δ57Fe = 5.8 ‰. 

Working with metastable nanoparticulate phases that are oxygen sensitive and responsive to small 

pH variations generally makes experimental errors large compared to analytical errors, as is shown by 

the duplicate experiments in Table 1 (see discussion below). In order to give conservative 

uncertainties on the predicted intercepts, we based the total error on the experimental error rather than 

the smaller analytical error. The uncertainties on δ56(57)FeInters.Fe(II) and δ56(57)FeInters.FeS, the upper and 

lower intercepts between the 95% envelopes on the regression lines, were calculated with the R 

2.4.1.® statistical package. The coordinates of the lower and upper 95 % confidence envelopes are 

calculated conventionally from the regression lines of the entire data set (experimental samples and 

their duplicates) by Eq. 3 (e.g. Ludwig, 1980; Borradaille, 2003): 
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where Y is the coordinate of the 95% envelope for each corresponding x on the regression line (y = ax 

+ c), n is the number of data points, tα/2 is the value of the t-statistic for a two-tailed test (with n - 2), 



the coordinate of the regression line, xi is the coordinate of data points and x is the centroid of the x 

coordinates. Uncertainties on Δ56(57)FeFeS-Fe(II) are propagated from the uncertainties on δ56(57)Fe with 

Eq. 4: 

2
1
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3. RESULTS 

 

Experimental quality control was performed by monitoring the mass conservation law. At any 

time during the experiment, the weighed sum of the constituents must equal the isotopic signature of 

the bulk (Eq. 5, Fig. 2): 

bulkIIFeFeS Fe
Fe

Fe
Fef

Fe
Fef

56

)(

5656

))1(()( =×−+×  (5) 

where f is the mass fraction of Fe in FeSm. Note that this equation uses the ratio 56Fe/Fe rather than 

the usual 56Fe/54Fe. This is due to the fact that unlike 18O in the O system, 57Fe and 54Fe are not trace 

isotopes with respect to 56Fe. As a result, when mass balancing equations, the error will be 

significantly increased using usual isotopic ratios (see Criss, 1999; Eq 1.14a-b-c) instead of the (mass 

of isotope)/(mass of element) ratios. There is a systematic 56Fe enrichment for early experiments, 

resulting in a shift from mass balance towards higher δ56Fe values. The likely explanation is that this 

phenomenon is due to 56FeSm nanoparticles passing through the 0.45 μm filter in the early stages of 

the experiment, i.e. before FeSm nanoparticles have agglomerated. Note that only 5 % of 56FeSm are 

required to pass through the filter to shift the Fe(II)aq isotope signature by 10 ‰. It is well known that 

because of the rapid aggregation of FeSm nanoparticles into flocs (e.g. Wolthers et al., 2003; Ohfuji 

and Rickard, 2006; Guilbaud et al., 2010a),  samples which have aged in suspension are readily 

trapped on a 0.45 μm filter during vacuum filtration,  and form an efficient filter bed such that no 

FeSm contribution is seen in the liquid phase. Because imperfectly mass-balanced experiments only 

concern the very first experiments, it has no observable effect on our extrapolation and predicted 

fractionations. 



 

3.1. Experiment starting with δ56FeFeS ~ 308 ‰ at 25°C and 2°C 

 

Experimental conditions, analytical results and fractionations are presented in Table 1. The 

experiment starting with δ56FeFeS ~ 308 ‰, the bulk composition of the system was 102 ± 3 ‰. The 

extent of isotopic exchange F is given by (Graham et al., 1981; Criss, 1999; Johnson et al., 2002) Eq. 

6: 

0
5656

0
5656

FeFe
FeFeF

eq δδ
δδ
−
−

=   (6) 

where the subscripts 0 and eq stand for initial and equilibrium, respectively. The advantage when 

using enriched starting material, is that the value of the equilibrium δ56Feeq (~ 300 per mil) is 

negligible compared to the starting fractionation (~ 300 per mil) and so F can be determined precisely. 

Fig. 3 describes the evolution of the isotope composition of Fe(II)as and FeSm as a function of 

time. Isotopes exchange rapidly within the first 96 hours of ageing. After 96 hours, the exchange 

slows down and the extent of isotopic exchange is asymptotic to the equilibrium composition. At the 

end of the experiment, 75 % of isotopes had exchanged at 2°C and 85 % of isotopes had exchanged at 

25°C after 4 months ageing. At equilibrium, the three isotope method predicts 56Fe enriched FeSm 

with respect to Fe(II)aq for both 25°C and 2°C (Fig. 4). Fe isotope fractionation is larger at 2°C where 

Δ56FeFe(II)-FeS = -0.52 ± 0.16 ‰ than at 25°C where Δ56FeFe(II)-FeS = -0.33 ± 0.12 ‰, although within 

error, these are strictly the same. 

 

3.2. Experiment starting with δ56FeFeS ~ 2.6 ‰ at 25°C 

 

It was assumed that decreasing the initial fractionation between the phases from ~ 308 ‰ to ~ 2.6 

‰ would further narrow down the error bars on the predicted Δ56FeFe(II)-FeS. However in actuality, 

because the initial compositions of the starting materials are closer, the projection on the SFL is more 

complicated since both experimental and analytical errors become considerable with respect to the 

initial fractionation. As a result, although trends were visible on a three isotope plot, the 95 % 



confidence envelopes were larger than the predicted fractionation and we could not use those results 

to further discuss their relevance. 

 

4. DISCUSSION 

 

4.1. Equilibrium fractionation and mechanisms of isotope exchange 

 

The surface chemistry of mackinawite has been established titrimetrically (Wolthers et al., 2005). 

At pH 4, the surface of FeSm nanoparticles is positively charged (Wolthers et al., 2005), and therefore 

Fe2+
aq adsorption to the FeSm surface is insignificant. The constant size of the two different Fe pools 

(i.e. FeSm and Fe(II)aq) and matching mass balance throughout our data set further imply that vacuum 

filtration quantitatively separated FeSm from the Fe(II) solution, without any Fe2+
aq to be adsorbed 

and removed from the solution.  

At pH 4, the dominant Fe bearing species in the aqueous solution is the hexaqua Fe[H2O]6
2+ 

(normally referred as Fe2+). Up to ~ 45% of the total dissolved Fe(II) was constituted by the weak 

outer-sphere SO4
2- ligand complex, Fe[H2O]6SO4

0
aq (PHREEQC Interactive 2.15.0® gave 45% and 

Visual MINTEQ 2.61® 42%). In Fe[H2O]6SO4
0

aq, there is no strong Fe-SO4
2- bond. Its participation 

in Fe(II)aq speciation has thus a negligible effect on the recorded Fe isotope fractionation since the 

ligand-exchange mechanism occurring remains unaffected. Rickard (2006) showed that under acidic 

conditions, the equilibrium solubility of FeSm is described by log Ksp = log {Fe2+} + log {H2S} – 2 

log {H+}. Under neutral to alkaline conditions, the equilibrium solubility of FeSm is pH independent, 

and FeSm dissolves into FeS0
aq. In our experiment, the Fe(II)aq solution was ~ pH 4 and Σ[S(-II)] was 

0.05 M. Fig. 5 shows the solubility curves for FeSm at various Σ[S(-II)]. For Σ[S(-II)] = 0.05 M (this 

study) the dominant Fe(II) species at pH 4 is Fe2+. For these reasons, the measured equilibrium 

fractionation between Fe(II)aq and FeSm equates to the equilibrium isotope fractionation between the 

chemical species Fe2+
aq and FeSm, Δ56FeFe

2+
-FeS. 



The Fe isotope equilibrium fractionation factor for the exchange reaction between Fe(II)aq and 

FeSm (Eq. 7), 54/56
)( maq FeSIIFe −α , is 0.99948 ± 0.00002 at 2°C and 0.99967 ± 0.00002 at 25°C, and is given 

by Eq. 8: 

aqmaqm IIFeFeSIIFeFeS )()( 56545456 +=+   (7) 

1000
1000

56
)(

56
54/56

)( +

+
=−

m

aq

maq
FeS

IIFe
FeSIIFe Fe

Fe
δ

δ
α   (8) 

Our experimentation demonstrates that at equilibrium, the Fe isotope composition of mackinawite 

is 56Fe enriched with respect to the Fe isotope composition of Fe(II)aq. This compares with the kinetic 

Fe isotope fractionation occurring during FeSm precipitation (Butler et al., 2005; Guilbaud et al., 

2010a) and confirms the conclusion by Butler et al. (2005) who argued that the fractionation observed 

between FeSm and Fe(II)aq after 168 hours ageing does not represent equilibrium, but a dynamic 

steady state. Similarly, Böttcher et al. (1998) came to the same conclusion from their S isotope study 

on FeSm precipitation. As mentioned above, Rickard (2006) discussed the solubility of FeSm and 

showed that FeSm is sparingly soluble (pKsp = 3.5 ± 0.25). Butler et al. (2005) suggested that if the 

mechanism responsible for Fe isotope exchange is dissolution-precipitation, it might be restricted to 

the mineral-media interface, rather than between whole FeSm particles and the solution. The rates of 

precipitation (including nucleation and crystal growth) and dissolution of FeSm in the FeSm-H2O 

system are well known (e.g. Rickard, 1995; Pankow and Morgan, 1980; Rickard and Luther, 2007). 

The rate of FeSm dissolution is limited by the transport of components through the particle diffusion 

boundary layer. This means that the driving force for the rate is essentially the chemical components 

potential (including Fe2+, S(-II) and H+) between the FeSm surface and the solution. As the bulk 

system approaches equilibrium, the chemical potential becomes smaller and the rate decreases.  

Guilbaud et al. (2010a) studied the kinetics of isotope exchange during FeSm precipitation. They 

showed that atom exchange between FeSm and Fe(II)aq is consistent with i) FeSm nanoparticles that 

have a core–shell structure, in which case Fe isotope mobility is restricted to exchange between the 

surface shell and the solution and ii) nanoparticle growth via an aggregation–growth mechanism 

rather than growth by Ostwald ripening. This means that during the rapid aggregation of FeSm 



nanoparticle flocks, where the non-exchanging core is progressively growing with respect to the 

surface layer, the rate of isotope exchange continuously slows down. Models presented by Guilbaud 

et al. (2010a) best fit the isotopic data for FeSm nanoparticles comprised of a non-exchanging core 

and a ~ 0.8 nm thick surface layer. Interestingly, studies on growth mechanisms for ZnS nanoparticles 

(e.g. Huang et al., 2003) and other Fe oxides nanoparticulate systems (e.g. Waychunas et al., 2005) 

indicate that in the nanoscale domain, particles are likely to grow via aggregation growth rather than 

via Ostwald-ripening. Since the rate of FeSm dissolution is controlled by the diffusion boundary layer 

(e.g. Pankow and Morgan, 1980; Rickard and Sjoberg, 1983), this tends to further inhibit the rate of 

approach to equilibrium. Experimentally, after 30 days, Fe isotopic exchange reaches an apparent 

constant value of ~ 75% and ~ 85% of exchange for 2°C and 25°C, respectively. 

 

4.2. Implications for the equilibrium fractionation at higher pH  

 

For Σ[S(-II)] = 0.05 M and pH > 5.2, FeSm solubility is pH independent and total dissolved Fe(II) 

species are  dominated by FeS0
aq (Fig. 5). Rickard and Morse (2005) characterised FeS0

aq as 

multinuclear Fe-S complexes whose stoichiometry ranges from Fe2S2 to Fe150S150 where the first 

condense phase precipitates. Luther and Rickard (2005) showed that metal sulphide clusters in the Fe-

S, Cu-S and Zn-S systems are structurally congruent with the first-formed solid phase. This leads to a 

limited energy barrier in the nucleation of these phases from solution. Rickard and Morse (2005) put 

emphasis on the structural similarity between Fe2S2 and FeSm. This means that the alkaline 

dissolution of FeSm into FeS0
aq may involve less Fe-S bond breaking than under acidic conditions, 

and the majority of Fe(II) is ligated by S both in solution or in the solid phase. For these reasons we 

propose that under neutral to alkaline conditions, the resulting Fe isotope fractionation between FeSm 

and FeS0
aq is small and insignificant. The equilibrium isotope distribution between Fe2+

aq and FeSm is 

independent of the two FeSm forming pathways (Eq. 9 and 10): 

mFeSSHFepH →+< +
2

2:2.5    (9) 

maq FeSFeSSHFepH →→+> + 0
2

2:2.5  (10) 



Consequently, we propose that 022
5656

aqm FeSFeFeSFe FeFe
−− ++ ∆≈∆ , and that the fractionation factor 

determined in this study is applicable to equilibrium isotope distributions between Fe2+
aq and FeSm at 

alkaline pH. It is important to emphasise however that, unlike at acid pH, the analytically measured 

isotopic fractionation between Fe(II)aq (i.e. all dissolved Fe(II) species) and FeSm at neutral to 

alkaline pH is controlled by the predominance of the FeS0
aq reservoir over the Fe2+

aq reservoir. 

Unfortunately, the low total dissolved Fe concentrations present at alkaline pH make this area difficult 

to access experimentally. 

 

4.3. Comparison with calculated predictions 

 

To our knowledge, no calculated data exist for the equilibrium fractionation between Fe(II)aq and 

FeSm. However, β-factors for aqueous Fe(II), pyrite and the Fe(II) monosulphide troilite have been 

documented (e.g. Schauble et al., 2001; Anbar et al., 2005; Polyakov et al., 2000; Polyakov and 

Mineev, 2007; Blanchard et al., 2009). Schauble et al. (2001) used published vibrational data and 

empirical force field model (the Modified Urey-Bradley Force Field model, MUBFF) to estimate the 

β-factors of numerous Fe(II) and Fe(III) aqueous complexes including hexaqua Fe(II). Jarzecki et al. 

(2004) and Anbar et al. (2005) used Density Function Theory (DFT) to estimate the β-factors of 

hexaqua Fe(III) and hexaqua Fe(II). Polyakov and Mineev (2000) and Polyakov et al. (2007) used 

Mössbauer and inelastic nuclear resonant X-ray scattering (INRXS) data to provide β-factors for 

pyrite and troilite among others. In order to interpret natural data measured in pyrite, they assumed 

that the β-factors for mackinawite would be similar to those for troilite, since both are Fe(II) 

monosulphides. Blanchard et al. (2009) used first principle calculations (Schauble et al., 2001,2006) 

to discuss the pyrite β-factors given by the technique from Polyakov and co-workers. Fig. 6 shows the 

temperature dependence of equilibrium Δ56FeFe(II)-sulphide for pyrite, troilite and our experiment. β-

factors for Fe(II)aq are from Schauble et al. (2001) and Anbar et al. (2005). β-factors for pyrite and 

troilite are from Blanchard et al. (2009), Polyakov and Mineev (2000) and Polyakov et al. (2007). Our 

results demonstrate that mackinawite and troilite, do not display similar fractionations with respect to 



Fe(II)aq, which is expected since troilite is a hexagonal Fe(II) monosulphide, with no stability region 

at low temperature (Rickard and Luther, 2007). Equilibrium enrichment of heavier Fe isotopes in 

FeSm is consistent with calculated fractionations for pyrite, which is predicted to incorporate heavy 

isotopes. 

Beard et al. (2010) observed that in general, comparisons between predicted and observed 

equilibrium fractionations are more consistent for fluid-fluid or mineral-mineral fractionations, rather 

than for fluid-mineral fractionations. In our case, calculated values for FeSm β-factors are needed to 

assess the consistency between theory and experiments. 

 

4.4. Comparison with other experimental studies 

 

Experimental studies have shown that redox processes produce the largest equilibrium Fe isotope 

fractionations. At 20°C, equilibrium fractionation between Fe(III)aq and Fe(II)aq is ~ +3 ‰ (Johnson 

et al., 2002; Welch et al., 2003), Δ56FeFe(II)aq-hematite is ~ - 3 ‰ (Johnson et al., 2002; Skulan et al., 

2002; Welch et al., 2003); Δ56FeFe(II)aq-magnetite is ~ -1.3 ‰ (Johnson et al., 2005), and Δ56FeFe(II)aq-

Fe(III)oxide is ~ -0.9 ‰ (Bullen et al., 2001) and Beard et al. (2010) observed a Δ56FeFe(II)aq-goethite of ~ -1 

‰. In our experiment, [Fe] was equimolar in FeSm and Fe(II)aq and no redox process was involved. 

By analogy, Wiesli et al. (2004) found that the equilibrium fractionation recorded between the non-

redox Fe(II)aq-siderite couple was ~ 0.48 ‰. 

Amongst all transition metal-sulphides, only the behaviour of Cu and Zn isotopes during the 

precipitation of CuS and ZnS have been studied. CuS precipitates from Cu(II)aq with Δ65CuCu(II)aq-CuS = 

3.06 ± 0.14 ‰ (Ehrlich et al., 2004). Ehrlich et al. (2004) interpreted this result as a redox effect, 

since the precipitate is reduced to Cu(I)S from the aqueous Cu(II). Like FeS and CuS, Archer (2007) 

showed that ZnS precipitates from Zn(II)aq with depletion in heavy isotopes (Δ66ZnZn(II)aq-ZnS ~ 0.4 ‰). 

However, both Ehrlich et al., 2004 and Archer (2007) argued that their values were likely to be kinetic 

fractionations, CuS and ZnS being significantly less soluble than FeSm (KspFeS = 3.5, (Rickard, 2006); 

KspCuS = 22.2, (Smith et al., 1976); Kspsphalerite = 10.93, (Dyrssen and Kremling, 1990); where Ksp 

values given here are for free hexaqua species and the minerals). 



As shown above, after 30 days, Fe isotopic exchange reaches an apparent constant value of ~ 75% 

and ~ 85% of exchange for 2°C and 25°C, respectively. This compares with the extent of exchange 

between Fe(III)aq and ferrihydrite nanoparticles, which reaches a maximum of 26 % after 11 days 

(Poulson et al., 2005). The study by Poulson et al. (2005) was carried out at pH 4.7 with 3 nm 

ferrihydrite nanoparticles, which is similar to the experimental conditions presented here. 

Interestingly, the surface of ferrihydrite nanoparticles display a different coordination than the core 

(Michel et al., 2007) and ferrihydrite nanoparticles may also grow by aggregation growth (Waychunas 

et al., 2005, Michel et al., 2007) and have a low solubility (Ksp = 3-3.4, Schwertman, 1991; Majzlan et 

al., 2004). We suspect that the origin of the difference between our results and those by Poulson et al. 

(2005) lies in the large surface layer that promotes atom exchange for transition metal sulphides such 

as FeSm and ZnS (Guilbaud et al., 2010a; Zhang et al., 2003).  

 

4.5. Implications for modern natural systems 

 

In marine sedimentary environments, the predominant Fe aqueous species include Fe(III)hydroxyl 

complexes and Fe2+ (Turner et al., 1981). Rickard and Morse (2005) argued that in anoxic, sulphidic 

environments, Fe(III) species are not significant and concluded that Fe2+ is the dominant Fe non-

sulphide species under those conditions. In anoxic sedimentary systems isolated from hydrothermal 

inputs, sources for Fe2+ include i) microbial Fe(III) reduction and ii) sulfidation of detrital and/or 

authigenic highly reactive Fe(III) oxides. Both mechanisms occur at the early stages of diagenesis 

(Canfield et al., 1992; Poulton and Raiswell 2002). Raiswell and Canfield (1998) showed that modern 

anoxic/suboxic sediments (e.g. Black Sea, Cariaca Basin, Framvaren Fjord) are enriched in highly 

reactive Fe minerals. Mechanisms for Fe(III) (oxy)hydroxides reduction to Fe(II) are summarised by 

Wells et al. (1995). Sulfidation of Fe(III) oxyhydroxides, such as goethite, is a fast process (Rickard, 

1974; Pyzik and Sommer, 1981; Wei and Osseo-Asare, 1996) that occurs via dissolution of the 

mineral surface, reduction of Fe(III) to Fe(II) and subsequent precipitation of FeSm. In such 

environments, the major source for S(-II) is bacterial sulphate reduction, BSR (Raiswell and Berner, 

1985) which occurs at a lower rate than Fe reduction (e.g. Berner, 1981; Canfield et al., 1992). 



Canfield et al. (1992) thus concluded that enrichment in dissolved S(-II) in those environments could 

only occur after complete sulfidation of Fe(III) oxides. Hence, FeSm and dissolved Fe(II) should 

coexist in most environments in which Σ{S(-II)} and Σ{Fe(II)} are low (where I.A.P just exceeds 

KspFeS) or where Σ{Fe(II)} is significantly greater than Σ{S(-II)}, i.e. in some marginal environments 

(costal, deltaic and ridge areas), at the oxic-anoxic interface where sulphide starts forming from 

sulphate reduction or within the anoxic zone in which H2S reduces Fe(III) species to Fe2+. In 

environments in which Fe reduction is extensive, the process may be localised to the boundary 

between the suboxic and the anoxic zones. Rickard and Morse (2005) noted that FeSm has been 

principally observed in Fe rich environments, and rarely observed under “normal” marine conditions. 

They showed that where FeSm is present, Fe(II) remains in solution as FeS0
aq or as Fe(II)aq at quite 

large concentrations. Our results and those from Butler et al. (2005) converge to the same conclusion: 

in the 2-40°C range, the Fe-S system is slow to attain isotopic equilibrium. This means that for 

surface environments, the equilibrium number cannot be simply applied, and naturally occurring 

FeSm is likely to conserve its slow-exchange kinetic signature. Severmann et al. (2006) measured the 

Fe isotope compositions of highly reactive Fe in the anoxic margin basins. They documented δ56Fe 

values for pore waters, pyrite, and HCl extractable solid phases (i.e. FeSm and Fe(OH)3). Fig. 7 

compares the natural measurements with experimentally determined kinetic and equilibrium 

fractionations between Fe(II)aq and the solids. The data suggest that under diagenetic conditions, the 

solid products are not in equilibrium with the pore water. Rickard et al. (2007) showed in a cross-over 

plot that there is no direct link between FeSm, AVS, and pyrite within the same sediment, since 

Fe(II)aq can remain dissolved for large temporal and spatial scales in anoxic environments. Therefore, 

the measured compositions of natural sediments do not necessarily provide fractionation factors 

between the phases but reflect complicated interaction between the solids and the surrounding liquid. 

The temperature dependence of the isotopic exchange suggests that at higher temperatures, the 

system would reach equilibrium more rapidly. Rouxel et al. (2008) and Bennett et al. (2009) measured 

the Fe isotope composition of Fe sulphide particles in hydrothermal environments and their results 

indicate that the composition of those particles is consistent with kinetic fractionations recorded for 

FeSm (Butler et al., 2005), in other words, far from the equilibrium data presented here. However, 



caution is required with regard to extrapolating these data to temperatures in excess of 100°C, since at 

those temperatures, mackinawite does not form or transforms into pyrrhotite. Note that hydrothermal 

Fe sulphide particles can also consist of pyrite and chalcopyrite, for which Fe isotope fractionations 

upon formation have not been experimentally constrained. 

 

4.6. Implications for ancient sedimentary signatures 

 

In the Fe-S system, Fe is eventually sequestered into pyrite. At least 28 different reactions have 

been reported for low temperature aqueous synthesis of pyrite (Rickard and Luther, 2007). The use of 

FeSm as the Fe(II) reactant for one of these reactions is popular amongst the experimental community 

since FeSm first precipitates in protocols, giving sufficient nutrient concentration to produce a useful 

mass of pyrite. In modern natural environments, as mentioned above, FeSm as a reactant is limited to 

inshore and freshwater systems or as a surface product of Fe oxyhydroxide sulfidation. Thus the Fe 

isotope fractionation recorded during the formation of FeSm need not influence the Fe isotope 

composition of pyrite from all geological environments. However, it is possible that FeSm may have 

played a major role for diagenetic pyrite formation in sedimentary systems older than ~ 2.4 Ga, in 

which oceans were Fe(II)aq rich and anoxic (e.g. Holland, 1984). Interestingly, it is in those 

Proterozoic to Archean sediments that pyrite displays the largest Fe isotope excursions. There has 

been widespread interest in the possible use δ56Fepyrite as a paleo-proxy for seawater compositions 

(e.g. Anbar and Rouxel, 2007; Archer and Vance, 2006). But the fractionation involved during the 

pyrite formation stage is still unknown. Rouxel et al. (2005) showed that Proterozoic pyrites display 

positive δ56Fe, which is in agreement with the equilibrium calculations for pyrite (Polyakov et al., 

2007; Polyakov and Mineev, 2000) and our experimental prediction for mackinawite. However the 

negative isotopic composition of Archean pyrites implies that further fractionating mechanisms are 

involved. 

The results of this experimentation, along with those reported by Butler et al. (2005), suggest that 

FeSm Fe isotope compositions are contained in a ~ 1.4 ‰ range depending on the degree of FeSm 

precipitation and equilibration. Depending on the rate of pyrite formation, pyrite might record the 



lowest δ56Fe where FeFeS is rapidly incorporated into pyrite. Mechanistically, FeSm dissolves into 

FeSaq which reacts with S(-II) to form pyrite. The final composition of pyrite will thus depend on the 

fractionation occurring during FeSm dissolution, on the extent of mixing with free hexaqua Fe(II) and 

on the extent of pyritisation. For higher temperatures, i.e. during later stages of diagenesis, isotopic 

equilibration between FeSm and Fe(II)aq might be reached.  

 

5. CONCLUSIONS 

 

We have determined the Fe isotope equilibrium fractionation between Fe(II)aq and mackinawite at 

2°C and 25°C using the three-isotope method. Equilibrium fractionation Δ56FeFe(II)-FeS is -0.52 ± 0.16 

‰ at 2°C and -0.33 ± 0.12 ‰ at 25°C and is equivalent to the distribution between the species Fe2+
aq 

and FeSm (Δ56FeFe2+-FeS). Fractionations produce 56Fe enriched mackinawite and 56Fe depleted 

dissolved Fe(II). Our results contrast with the kinetic fractionation of Δ56FeFe(II)-FeS = +0.85 to +0.30 

‰ determined by (Butler et al., 2005) with which mackinawite remains depleted even after long term 

ageing. This means that depending on the degree of FeSm precipitation from solution, and the degree 

of isotope exchange during equilibration, FeSm displays δ56Fe values in a ~ 1.4 ‰ range. At low 

temperatures, equilibrium is not reached in periods of less than years. This means that in natural 

systems, FeSm is likely to be depleted with regard to its equilibrium value and record a kinetic 

signature. Further experiments are required to assess the mechanisms responsible for the Fe isotope 

exchange between aqueous and solid phases. 

Our experimental predictions are significantly below the calculated fractionations for the 

hexagonal Fe(II) monosulphide troilite. There is no obvious evidence why troilite and mackinawite 

should produce similar β-factors.  

Here, we provide the first experimentally determined equilibrium numbers for any metal 

sulphides. This work is fundamental to isolate and understand each step of Fe isotope fractionations 

during the formation of pyrite under diagenetic conditions. Further experiments are required to 

investigate the Fe isotope fractionations occurring in the neutral to alkaline region, where Fe(II)aq 

speciation is dominated by the clusters FeS0
aq. However, we predict that the fractionation between 



FeS0
aq and FeSm will be small. Experimental isotopic studies in this system would be helpful in 

further elucidating the roles of the aqueous sulphide clusters in the nucleation of solid phases from 

solution. 
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Table 1: Experimental conditions and isotopic analysis. Analytical precision of the isotopic data is the 

2standard deviation (2σ) of the external standard (Baker™ Fe solution) and was ± 0.08 ‰ and ± 0.17 

‰ for δ56Fe and δ57Fe respectively. Δ56FeFe(II)-FeS and Δ56FeFe(II)-FeS were calculated from the difference 

between the predicted Fe isotope compositions of both FeSm and Fe(II)aq at equilibrium. Errors on 

Δ56FeFeS-Fe(II) are determined by the intercepts between the 95% confidence envelopes and the 

secondary fractionation line from Eqs. 3 and 4. The mass balance and the extent of reaction F were 

calculated from Eqs. 5 and 6, respectively. The FeS fraction represent the FeFeS/Fetotal ratio, for which 

[Fe]FeS and [Fe]Fe(II) were measured spectrophotometrically at the end of each experiment. 

 

 
 

Fig. 1: Principle of the three isotope method. Starting materials are represented by squares. Starting 

Fe(II)aq lies on the terrestrial fractionation line (TFL), enriched 56FeS has a composition shifted from 

the TFL. Circles represent the evolution of isotopic compositions of both phases with time. When the 

system reaches isotopic equilibrium, the final compositions will lie on the secondary fractionation line 

(SFL). If Δequilibirum = 0‰, final compositions will meet at the bulk composition represented by a star. 

If Δequilibirum ≠ 0‰, it equals the difference between δFe(II), equilibrium and δFeS, equilibrium. 

 

 



Fig. 2: Experimental mass balance for the δ56FeFeS ~ 308 ‰ and δ56FeFeS ~ 2.6 ‰ starting 

experiments, calculated from Eq. 5. Grey areas represent the experimental external precision based on 

the reproducibility of the replicates. 

 

 
 

Fig. 3: Time evolution of Fe isotope compositions of FeSm (circles) and Fe(II)aq (triangles) at 25°C 

(filled signs) and 2°C (open signs). 2°C experiments were stopped after one month. 25°C experiments 

were stopped after four months. The grey area is the bulk composition of the system including errors. 

 

 
 

Fig. 4: Three isotope plots starting with δ56FeFeS ~ 308 ‰ and predicted equilibrium Fe isotope 

fractionations on the SFL between FeSm (open circles) and Fe(II)aq (filled circles). Δ56FeFe(II)-FeS is the 

difference between the intersections of the regression lines with the SFL. 95 % confidence envelopes 

are calculated from Eq. 3. 



 
 

Fig. 5: Modified from Rickard (2006). Total dissolved Fe(II) activity in equilibrium with FeSm for 

various total [S(-II)] (bold lines). pH dependent and independent reactions are showed as fine lines. 

Our experiment corresponds to the region marked by a circle. The grey star represents the limit at 

which FeSaq becomes the dominant Fe(II)aq species, as opposed to Fe2+ (pH ~ 5.2 for Σ[S(-II)] = 0.05 

M). 

 

 
Fig. 6: A: β-factors for troilite (bold-dot line, Polyakov et al., 2007), Fe(II)aq (grey dot lines, Schauble 

et al., 2001; Anbar et al., 2005) and pyrite (plain lines, Blanchard et al., 2009; Ployakov and Mineev, 

2000; Polyakov et al., 2007). B: Temperature dependence of Δ56FeFe(II)-mineral for average pyrite (bold 

line), average troilite (dot-line) and our experimental results (filled squares) calculated from the β-

factors from A. Grey areas correspond to the uncertainties from calculations. 



 
Fig. 7: Plot of the isotopic compositions of pore water versus the solid highly reactive iron phases, 

modified after Johnson et al. (2008). Data for pyrite (filled squares) and HCl extrated phases (grey 

diamonds and open circles) are from Severmann et al. (2006). Compositions for FeSm were derived 

from HCl extraction data where Fe(II)HCl > 80%, as suggested by Johnson et al. (2008). Kinetic 

Δ56FeFe(II)aq-FeSm are from Butler et al. (2005). We used our 2°C values for equilibrium Δ56FeFe(II)aq-FeSm. 

Kinetic and equilibrium Δ56FeFe(II)aq-Fe(OH)3 are from Johnson et al. (2004). 
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